A different way of looking at the meridional warm water ( Ͻ 26.8) flux in the South and North Atlantic is proposed. The approach involves the blending of observational aspects into analytical modeling, which allows one to circumvent finding a detailed solution to the complete wind-thermohaline problem. The method employs an integration of the momentum equations along a ''horseshoe'' path in a rectangular basin that is open on the southern side.
Introduction
Determination of the meridional mass flux in the ocean is important because of its direct relevance to the earth's climate. Traditionally, this transport has been viewed as consisting of two distinctly separate parts, the thermohaline circulation (driven by density differences resulting from heat exchange with the atmosphere or freshwater input and output) and the wind-driven circulation. In reality, the two kinds of circulation may not always be separated and our present problem represents such a case.
We shall consider the question of how much water flows northward from the South Atlantic (and ultimately sinks in the North Atlantic) in terms of a wind-driven intergyre exchange process coupled with high-latitude cooling. Our approach is different than that usually taken in that it involves a mixture of analytical modeling and observations. Specifically, we shall consider analytical models and, instead of solving the (incredibly complicated) complete wind-thermohaline problem, we shall blend into the analytical models the observed position of western boundary current (WBC) separation. This blending of the separation latitudes will essentially eliminate the explicit appearance of thermohaline pro-
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cesses in the problem but retain their implicit appearance (through the position of the WBC separation).
Surface cooling is assumed to take place only in high latitudes and, with our particular approach, it will enter the problem indirectly through the position of the WBC separation. We shall see that any kind of intergyre exchange bounded from the southwest and northwest by two separating boundary currents (i.e., the Brazil Current and the Gulf Stream) must involve some sort of asymmetry in the wind field, the land distribution, or the high-latitude cooling. Furthermore, we shall see that, in the Atlantic, this asymmetry is insignificant in the sense that the observed high-latitude cooling, the wind pattern, and the distribution of the continents allow for only a very small amount of warm water ( Ͻ 26.8) to be transported northward. This suggests that what are usually thought to be the main driving forces of the overturning cell (wind and high-latitude cooling) are not sufficient to drive the observed northward transport. It turns out that, as other studies suggested, low and midlatitude upwelling is essential for the northward transport to take place. However, the process does not involve simple upwelling and sinking. It turns out that when low and midlatitude upwelling into the thermocline is added to the model, about 10-20 Sv (Sv ϵ 10 6 m 3 s Ϫ1 ) reach the high-latitude regions in the North Atlantic, but, surprisingly, an equal amount of upwelled water must flow southward and exit the South Atlantic (via the surface water).
a. Background
On the basis of water property analysis, Gordon (1986) was the first to suggest that the water that ultimately sinks in the North Atlantic enters the upper South Atlantic near the tip of South Africa. He suggested that warm water enters the South Atlantic mostly due to the influx of Agulhas rings. These rings are relatively large (ϳ500 km in diameter) and deep (ϳ800 m) and have been observed to drift westward at rates of 5-8 cm s Ϫ1 (Olson and Evans 1986) .
Using inverse calculations, Rintoul (1991) disputed Gordon's (1986) arguments and suggested that the origin of the Atlantic water that ultimately sinks in the North Atlantic is the Drake Passage rather than the tip of South Africa (suggested by Gordon) . He suggests that this cold water route accounts for roughly 17 Sv, which is equally split among surface, intermediate, and bottom water. In a subsequent article, Gordon et al. (1992) proposed a circulation pattern that is somewhat different from both Gordon's (1986) original suggestion and Rintoul's (1991) flow pattern. In their new scenario, much of the Indian Ocean surface water that enters the South Atlantic (via the Benguela Current and Agulhas rings) recirculates and exits the South Atlantic. Furthermore, the 10 Sv or so that, in their opinion, does cross the Atlantic equator consists mainly of intermediate rather than surface water. According to Gordon et al. (1992) this intermediate water originates in the Drake Passage and loops in the Indian Ocean before entering the Atlantic. Saunders and King (1995) have used recent World Ocean Circulation Experiment data to argue that, as originally suggested by Gordon (1986) , about 10 Sv of mainly surface water enters the South Atlantic along the warm water path. Schmitz (1996) also suggests such a warm water route. Recent numerical computations Marchesiello et al. 1998) suggest, on the other hand, that the overturning cell consists mainly of cold, rather than warm, water. These numerical calculations point to a transport of 16 Sv, which is in agreement with the recent hydrographic estimates of Schlitzer (1996) . They are also consistent with Matano and Philander's (1993) calculations showing a conversion of intermediate to surface water in the South Atlantic. The reader is also referred to Drijfhout et al. (1996) where other aspects of this circulation are discussed. The reader is warned, however, that these model studies do not add much information to the above issue since they drive their overturning via their boundary conditions or choose (implicitly or explicitly) a mixing parameterization that determines overtuning.
Our new analytical technique will show that ''pure'' thermocline water (i.e., thermocline water that has not entrained any intermediate water) can be forced northward across the equator only if there are significant interhemispheric asymmetries in the wind field, the geography, or the high-latitude cooling. It turns out that the asymmetry in the shape of the continents surrounding the Atlantic, the observed wind field above the Atlantic, and the known high-latitude cooling are not sufficient to allow for a significant amount of warm water to be transported meridionally. Adding upwelling [à la Goldsbrough (1933) ] to our model resolves this difficulty and shows that a conversion of intermediate water to thermocline water permits a significant northward flow. As mentioned, however, it also shows that the upwelled water must be equally split between the Northern and Southern Hemispheres.
b. Present approach
Consider first the idealized ''reduced gravity'' ocean shown in Figs. 1 and 2. This simplified configuration is sufficient for illustrating the essence of the problem and is used here merely for the clarity of the presentation. Actual calculations will be done with a more realistic continuously stratified ocean and more realistic geography (Fig. 3) . We shall consider the familiar vertically integrated equations of motion corresponding to an ocean whose interior is wind driven and obeys Sverdrup dynamics (section 2). Dissipation occurs underneath the swift WBC as a result of interfacial friction. Cross-equatorial flow occurs via the WBC where the relative vorticity created by the meridional displacement of the fluid is immediately destroyed via friction. Some
Schematic top view of the simplified meridional flow model. In this simplified version, which is used merely for the clarity of the presentation, the upper layer (shaded region corresponding to Ͻ 26.8) is driven northward by zonal winds and thermohaline processes. The upper water sinks outside the integration area and returns southward as a deep current (with a density ϩ ⌬ 2 ). An inert intermediate layer (with a density ϩ ⌬ 1 ) is sandwiched between the northward flowing surface water (thick open arrows) and the southward flowing deep water (thick broken arrows). Actual calculations for the Atlantic were done using a more realistic model, which takes into account the appropriate geography of the continents, the sphericity of the earth, meridional winds, and a continuous stratification within the upper water lens. Two coordinate systems will be used. The x and y system with x pointing eastward and y pointing northward will be used to describe the field equations; the n and s system with n normal to the eastern boundary and s along that boundary will be used to describe the boundary conditions along the eastern boundary. The thick line ABCD denotes the ''horseshoe'' integration path. nonlinearity is contained in the model through the pressure terms, but the inertial terms are neglected and the problem is linear in terms of the square of the layer thickness.
The common demand that, in a closed basin, the WBC transport be equal and opposite to that of the interior is relaxed so that a net meridional flow out of the region of interest is allowed. Such a net transport is, in general, a result of a combined interior and WBC fluxes. With the aid of these considerations and an integration along a ''horseshoe'' path connecting the two separation latitudes in both hemispheres, we shall analytically derive a formula that allows the computation of the meridional interhemispheric transport from the wind field and the WBC separation latitude. This meridional transport includes flows due to both wind and high-latitude diabatic processes. Integration of the governing equations across VOLUME 29
A diagram of the horseshoe integration path used in the ''realistic'' model. Across the ocean (sections BC and ED) the integration is done mainly in the zonal direction; along the eastern boundary (CD) the coastline is followed. The western boundary is open save for integration across the boundary currents (AB and EF), which is done in the direction perpendicular to the coast. Points F and A, the mean positions of the separation points, were determined from Levitus climatological data by considering the intersection of the ϭ 26.8 isopycnal with the coast at a depth of 100 m.
the ocean is, of course, not new and was considered earlier by various authors such as Parsons (1969) and Veronis (1973) . What is new is the choice of our particular integration path (from one separation point to another), the calculation of the pressure differences along the boundaries which, surprisingly, allows us to entirely eliminate the pressure terms, and the recognition that high-latitude cooling processes can only enter the problem through the position of the WBC separation.
As already stated, in our calculations, cooling and sinking of thermocline water is assumed to occur in high latitudes beyond the separation latitude. In reality, there is some cooling equatorward of the separation latitude but most of the heat exchange does occur in the highlatitude regions as assumed here (see, e.g., Oberhuber 1988). We shall see that, even though cooling does not enter the model explicitly, it does enter the calculations implicitly through the position of the separation points, which adjust to the cooling.
After presenting the formula for the simple high-latitude cooling model and illustrating the essence of the problem (section 2), we shall proceed and extend the transport formula to the more realistic ocean shown in Fig. 3 (section 3). In this context, we shall include (i) a continuously stratified upper ocean rather than an upper layer with uniform densities (employed in the simple model), (ii) meridional winds, (iii) the sphericity of the earth, (iv) the actual geometry of the ocean boundaries, and (v) low and midlatitude upwelling. This is followed by presenting process-oriented numerical experiments (section 4) and com-
paring them to our transport formula. Some discussion of the results is included throughout the presentation; the application to the Atlantic is presented in detail in section 5 and a summary is given in section 6.
The above approach is an extension of Nof's (1998) recent derivation of the ''separation formula'' and its application to the Pacific Ocean and the Indonesian Throughflow. The main differences between the case considered here (i.e., the Atlantic) and that considered in Nof (1998) are (i) there is no deep-water formation in the Pacific and (ii) the Indonesian Passages are situated well to the south of the Kuroshio separation so that there is no net meridional flow in most of the Pacific Northern Hemisphere. As a result of these differences, the transport formulas are not at all the same in the two oceans. An additional difference between the two studies is that, by conducting a series of numerical experiments using the Bleck and Boudra isopycnic model, we carry here the ''separation formula'' a step further than in Nof (1998) . We shall demonstrate that the formula's application to the Atlantic is in excellent agreement with the numerics. Note that there is some limited (unavoidable) overlap between the Nof (1998) article and the present one because an attempt has been made to make the present article self-contained. The overlap is limited to parts of section 2.
Derivation of the transport for the Atlantic Ocean

a. Governing equations
Consider again the model shown in Fig. 1 . Following Nof (1998), we shall use the familiar vertically integrated equations of motion for the upper layer,
where h is the upper-layer thickness, U and V are the vertically integrated transports in the x and y direction (here x is pointing eastward and y northward), f is the Coriolis parameter (varying linearly with y), gЈ the ''reduced gravity'' g⌬ 1 / (where ⌬ 1 is the density difference between the upper and the intermediate layer and is the density of the upper layer), x the wind stress in the x direction, and R is an interfacial friction coefficient which need not be specified for the purpose of our analysis. The thick intermediate layer velocities are taken to be, on average, small compared to those of the upper layer. The equations are valid for all latitudes equatorward of sections DC and AB (Fig. 2) including the equator. As mentioned, the model excludes diabatic processes equatorward of the separation latitudes but does not exclude such processes poleward of the separation latitudes (which enter the problem through the position of the WBC separation).
Elimination of the pressure terms between (2.1) and (2.2) and consideration of (2.3) gives
which, for the inviscid ocean interior, reduces to the familiar Sverdrup relationship,
Four comments should be made with regard to (2.1)-(2.5). First, in this model, energy is supplied by the wind over the entire ocean and is dissipated through interfacial friction [i.e., the RV term in (2.2)] within the limits of the WBC system. This interfacial friction is not present in (2.1) because RU is small and negligible. Furthermore, since the velocities are small in the ocean interior, the frictional term is negligible there.
Second, (2.1) holds both in the sluggish interior away from the boundaries and in the intense WBC where the flow is geostrophic in the cross-stream direction. Within the WBC the balance is between the Coriolis and pressure terms with the wind stress playing a secondary role. In the interior, on the other hand, the velocities are small and, consequently, all three terms are of the same order. Third, the inertial terms are excluded from the model but, to allow the interface to surface, nonlinearity is included in the pressure terms (via the square of the thickness). Since the model does not include relative vorticity within the WBC, it implicitly assumes that all relative vorticity generated by moving the fluid meridionally (within the boundary layer) is dissipated immediately after its creation. This implies that crossequatorial flows can easily take place via the WBC where the fluid does not ''remember'' its origin.
Fourth, in this model, the frictional coefficient determines the width of the (unseparated) WBC but not its length (which, in turn, is controlled by the wind field and the thickness along the eastern boundary). In other words, the WBC adjusts its width in such a way that the total energy input (by the wind) is always dissipated along its base. Also, since in the interior the meridional transport is determined directly from the wind field (2.5), the total net meridional transport across the ocean is determined by the WBC.
Finally, it is perhaps appropriate to comment on the assumption of an inert intermediate layer because this assumption is frequently misunderstood. In contrast to common statements, the assumption does not imply negligible transports in the intermediate layer. It merely implies that the horizontal pressure gradients in the thick intermediate layer are small compared to the horizontal pressure gradients in the upper layer. This means that, on average, the speeds in the lower layer are small compared to the speeds in the upper layer; since the VOLUME 29
intermediate layer thickness is much greater than the upper-layer thickness, the transports in the intermediate layer can be of the same order as those of the upper layer. Furthermore, since Ekman flows do not necessarily involve horizontal pressure gradients, they are not necessarily excluded from the intermediate layer.
b. Boundary conditions
The boundary condition along the solid boundaries is, of course, the familiar no-normal flow into the western and eastern walls. As in Nof (1998) , it is convenient to use a tilted coordinate system n and s where n is normal to the eastern boundary and s is along the boundary. In terms of this tilted coordinate system, (2.1) and (2.3) (with the frictional term neglected) are
where ␣ is the tilt of the boundary measured from the meridian (see Fig. 1 ), and U and V are now the integrated transports in the n and s directions.
Since U ϵ 0 along the boundary (n ϭ 0) it follows immediately from (2.7) that
where h C and h B are the upper-layer thicknesses at C and B, respectively. Relation (2.8) implies that along the eastern coast the sea level responds to the wind stress in the usual wind setup manner (i.e., in the same manner that it would in a long and narrow lake). For a purely meridional boundary (␣ ϭ 0), (2.8) reduces to the familiar condition of constant depth along the eastern boundary (i.e., h C ϭ h B ) as should be the case. This completes our discussion of the eastern boundary condition. As mentioned, along the western boundary the zonal velocity component also vanishes. However, in contrast to the eastern boundary, the thickness is not uniform along this boundary due to the frictional term. Nevertheless, there is an additional boundary condition that is crucial to our computation. It is the condition that both the southern and northern boundary currents separate from the coast at some points (A and D). This means that
where, as before, the subscripts D and A denote that the variable in question is associated with points D and A (see Fig. 1 ). Strictly speaking from a geophysical fluid dynamics point of view, the location of the separation points must be determined as a part of the solution to the wind and heat exchange problem. As mentioned, however, we take here a different approach and use the available observational information regarding the position of the separation as an input to our model. This, together with the (reasonable) choice of cooling poleward of the WBC separation latitude, but no cooling south of the separation latitude, essentially eliminates the explicit appearance of thermohaline processes in the mathematical problem. Thermohaline processes are, of course, an integral part of the problem at hand but, for cooling processes active only in high latitudes, they enter the problem only through their influence on the position of the WBC separation. We shall return to this important point later.
c. Integration of the momentum equation
To derive the transport formula, we follow Nof (1998) and integrate (2.1) from the western to the eastern boundary along the separation latitudes (i.e., sections 1 and 2 shown in Fig. 1 ),
where T is the net meridional transport across the ocean and f 1 and f 2 are the Coriolis parameters along sections 1 and 2. In contrast to the classical closed basin approach, which requires the WBC transport to be equal and opposite to the interior Sverdrup transport so that there is no net meridional transport (i.e., T ϭ 0), we do not require the two transports to have any particular relationship. This implies that there can be a net meridional transport. For reasons that will become momentarily apparent, (2.10a,b) are now rewritten in the form,
By subtracting (2.11b) from (2.11a) and taking into account the eastern boundary condition (2.8) and the separation condition (2.9) we find the surprisingly simple relationship,
Two situations corresponding to high-latitude cooling and wind, which force 12 Sv (upper panel) and 4 Sv (lower panel) across the equator. Shaded areas denote the fluid obeying our formula. Hatched areas are regions where diabatic cooling is allowed. Dotted regions are areas where sinking takes place. which is our desired formula. It should now be clear why we start and finish our integration at the separation points; only these two locations correspond to zero pressure along the western boundary. Relation (2.12) gives the combined (wind and high-latitude cooling) transport in terms of the wind field and the separation latitudes alone. The main difference between (2.12) and the analogous formula derived by Nof (1998) for the Pacific is that his formula does not involve f 1 . This is due to the fact that the Indonesian Throughflow is situated south of the Kuroshio's separation latitude.
To understand what (2.12) means we shall consider a few examples. First, we shall consider the simplest possible case where there is no asymmetry in either the wind field or the continents, that is, the only asymmetry is in the high-latitude cooling which enters the problem through the (given) WBC separation latitudes. In this special case the second term in (2.12) drops out. To illustrate the properties of this case, we chose an ocean 6000 km broad driven by the globally averaged Hellerman and Rosenstein (1983) winds [see Nof's (1998) Fig. 4a for a plot of the average wind versus latitude]. Figure 4 shows the results for two hypothetical cases; one corresponds to a net meridional transport of 12 Sv (upper panel), and the other to a net transport of 4 Sv (lower panel).
For the second example we add an asymmetry in the wind field but retain the symmetrical geometry. Namely, the eastern boundary is still meridional so that there is no asymmetry in the shape of the continents. For this special case the second term still drops out and there is no meridional transport (i.e., T ϵ 0) unless there is some asymmetry in either the wind field or the position of the separation latitude (controlled by the cooling). For instance, consider a hypothetical rectangular ocean 5000 km broad with boundary currents detaching from the western boundary at 40ЊN and 40ЊS. There is no wind stress along 40ЊN and an eastward wind corresponding to a stress of 2 dyn cm Ϫ2 is blowing along 40ЊS. According to (2.12), such an ocean will have a northward interhemispheric transport of 5 Sv. Recall that the associated cooling enters this example through our choice of the 40ЊN and 40ЊS separation latitudes. Without cooling, such separation latitudes cannot be maintained and the separation points would drift to new latitudes that [according to (2.12)] give no meridional transport.
For the third example we now add an asymmetry in the geography. In this case the wind along the southern section (AB) is acting over a different distance than the wind along the northern section (DC) so that even identical winds cause a meridional transport [provided that the wind stress along the eastern boundary (BC) is not identical to those winds]. For instance, consider now a trapezoidal ocean extending 5000 km along 40ЊN and 10 000 km along 40ЊS with currents separating again at 40ЊN and 40ЊS. As in the second example, the ocean is subject to no zonal wind stress along the northern boundary and an eastward wind corresponding to 2 dyn cm Ϫ2 along the southern boundary. We also specify here a linear wind stress dependence along the eastern boundary. According to (2.12), such an ocean will have a net northward transport of 8 Sv, which is 60% greater than the net transport in the rectangular ocean. All three examples illustrate that only severe interhemispheric asymmetries generate significant interhemispheric VOLUME 29
flows; mild asymmetries generate very weak meridional flow.
Properties of the transport
As mentioned, the expression for the meridional transport (2.12) does not contain any cooling explicitly because cooling enters the problem only through the position of the separation points, which must adjust to the amount of imposed overturning. In other words, a change in the cooling would force the WBC separations to migrate southward or northward until they find the latitude where the wind stress can accommodate the new imposed cooling and (2.12) is again satisfied.
For example, a state of no-meridional transport and a no-overturning state (corresponding to the symmetrical winds discussed earlier and symmetrical separation latitude) can change to a state with a net northward transport of 12 Sv (in a rectangular ocean 6000 km broad) if, due to high-latitude cooling, the northern separation latitude moves to 20ЊN and the southern separation latitude moves to 43ЊS. Similarly, time-dependent variations in the wind stress would also cause a shift in the position of the separation points. Clearly, changing the wind stress in the South Atlantic is not going to change the overturning rate but, rather, it will force one or both gyres to migrate meridionally until new separation latitudes that fit the new wind stress pattern [according to (2.12)] are found. Also, note that, according to (2.12), in the absence of wind there can be no meridional flow even if there is asymmetrical high-latitude cooling. This (apparent) unphysical situation results from the simple fact that with high-latitude cooling alone there would not be any separation of WBC south of the cooling region so that (2.12) does not apply.
It is important to realize that, in this model, the separation of the WBC does not necessarily occur along the latitude of vanishing wind stress curl. Instead, it occurs where the thermocline depth along the wall vanishes, that is, in the Charney (1955) manner where, due to the increase of the Coriolis parameter with y, a poleward flowing WBC ultimately reaches a point where the thermocline surfaces along the coast. Charney's separation includes inertial nonlinear terms, which are absent from this model, but the essence of the separation is identical in the two cases. Alternatively, one can think of our separation as Parsons ' (1969) separation without the condition of no net meridional flow across the ocean.
To see this more clearly, recall that the idea of WBC separation occurring at the latitude of vanishing wind stress curl originates in the assumption of a boundary current transport being equal and opposite to the interior Sverdrup transport. The theory is that, in this scenario, when the interior transport vanishes (due to zero wind stress curl), then the WBC meridional transport must vanish as well, implying a separation. In our case, however, the WBC transport is not necessarily equal and opposite to the interior transport because there is a net meridional transport. This implies that the separation does not occur at the zero wind stress curl latitude unless it so happens that the net meridional transport is zero.
Following Nof (1998) , it is a simple matter to extend the results of the simple reduced-gravity model with one active layer to a continuously stratified upper ocean overlying again a stagnant intermediate layer. Using the Boussinesq approximation and the vertically integrated equations in spherical coordinates, one ultimately arrives at the formula,
where T is the total transport and, as before, the integration is done in a horseshoe manner in the sense that it is not an integration over a closed path but rather an integration over an open path that does not contain section FA. Note that (3.1) contains both zonal and meridional winds and that upwelling due to Ekman flows is a part of our vertically integrated transport.
As in the single-moving-layer case, (3.1) contains both wind-driven motions and diabatic motions imposed by high-latitude cooling (poleward of the separation latitude). This cooling does not enter (3.1) explicitly but does enter it implicitly through the separation latitude and the associated integration paths ABCDEF.
Numerical simulations
To examine the validity of the formula (2.12) we consider now an application of a reduced gravity MI-COM (Miami Isopycnal Coordinates Ocean Model) to a rectangular basin spanning both hemispheres. To represent the cooling we specify a (mass flux) source in the southeast corner (south of the Brazil Current separation latitude) and a sink in the northeast corner (north of the Gulf Stream separation). We shall vary the transport, measure the location of both WBC separations, and then plot the computed separation formula transport versus the specified transport.
The numerical model
We use a reduced gravity version of the MICOM developed by Bleck and Boudra (1981, 1986) , and later improved by Bleck and Smith (1990) . The advantage of this model is the use of the ''flux corrected transport'' algorithm (Boris and Book 1973; Zalesak 1979) for the solution of the continuity equation. This algorithm employs a higher order correction to the depth calculations and allows the layers to outcrop and stay positive definite. The resulting scheme is virtually nondiffusive and conserves mass. For these reasons, the model is the most suitable model for our problem. The active layer is an enclosed feature, while the rest of the layer has zero depth. The modeled basin is a rectangle extending from 60ЊS to 60ЊN. The interhemispheric exchange is established by withdrawing water from the northeast corner of the basin and forcing an equal amount back into the basin along the southeast corner.
The equations of motion are the two momentum equations,
and the continuity equation,
where the notation is conventional. The model uses the Arakawa (1966) C-grid. The u-velocity points are shifted one-half grid step to the left from the h points, the -velocity points are shifted one-half grid step down from the h points, and the vorticity points are shifted one-half grid step down from the u-velocity points. This grid allows for reducing the order of the errors in the numerical scheme. The grid scale is 15 km, and the solution is advanced in time using the leapfrog scheme with a time step of 540 s. The velocity fields are smoothed in time in order to stabilize the numerical procedure. The velocities for the weightless grid points are set to zero.
To make our runs more economical, we artificially magnified both ␤ and the wind stress (by a factor of 5 and 10, respectively) and artificially reduced both the meridional and zonal basin scales (again by a factor of 5 and 10, respectively). With these changes, our ␤ was 10 ϫ 10 Ϫ11 m Ϫ1 s Ϫ1 , the zonal basin size was 600 km, the meridional basin size was 1320 km (in each hemisphere), and the Coriolis parameter remained unaltered (for the new latitudes). The linear drag coefficient, k, was also increased by a factor of 10 (to 1 ϫ 10 Ϫ6 s Ϫ1 ) so that the increased wind stress is balanced. With a grid size of 15 km, an (unaltered) reduced gravity of 1.5 ϫ 10 Ϫ2 m s Ϫ2 and an undisturbed depth of 300 m, our runs lasted for about 40 minutes (each) instead of a week or so that each run would have lasted had we not modified ␤, the wind stress, and the basin size.
The downside of the above modifications is an unnaturally large ratio between the eddy size (the Rossby radius) and the basin size. As we shall shortly see, this is not really a difficulty in our runs because in our case the eddies do not play a major role in the meridional mass exchange. Furthermore, this unnatural eddy:basin ratio issue can be easily resolved by using a very large horizontal eddy viscosity coefficient (16 000 m 2 s Ϫ1 ) that eliminates any long-lived eddies such as Gulf Stream rings. This essentially implies that our model is not an eddy-resolving model. For completeness we also ran a series of numerical simulations with a much smaller eddy viscosity ( ϭ 1000 m 2 s Ϫ1 ). The implications of these numerical values for the frictional coefficient are discussed below.
The simplified wind stress profile that we used is shown in Fig. 5 and a typical (symmetrical) depth and transport structure without any cross-equatorial flow is shown in Fig. 6a . With a forced cross-equatorial flow the fields become asymmetrical as shown in Fig. 6b . Figure 6b also shows how the current (shaded) crosses the equator. It begins along the eastern boundary of the South Atlantic and proceeds westward as a south equatorial current. As earlier studies predicted (see, e.g., Killworth 1991) it then crosses the equator as a WBC. It finally reaches the northeast corner after progressing along the northern edge of the gyre. Figure 7 shows the observed (numerical) adjustments and movements of the WBC separations in response to the cross-equatorial flow and Fig. 8 displays a comparison of the analytical solution to the numerical simulations. Figure 8 shows that, even with the large eddy viscosity (16 000 m 2 s Ϫ1 ), there is an exceptionally good agreement between the nonlinear numerical simulations and the quasi-linear analytical computation. This remarkable agreement shows that full nonlinearity (included in the numerics but absent from the analytics) is unimportant. Also, the small difference between the two lines (corresponding to the two different viscosities) in Figs. 7 and 8 shows that the position of the WBC separation points is not very sensitive to the horizontal frictional coefficient. This is because, as just mentioned,
Nondimensional thickness contours (upper panel) and transport contours (lower panel) for the case of no net meridional transport and high viscosity ( ϭ 16 000 m 2 s Ϫ1 ). As expected, both patterns are symmetric relative to the equator. The thickness is nondimensionalized with the undisturbed depth (H ϭ 300 m) and the transport by g H 2 /2 f 0 (where g ϭ 2 ϫ 10 Ϫ2 m s Ϫ2 , H ϭ 300 m, and f 0 ϭ 0.9 ϫ 10 Ϫ4 s Ϫ1 ). Hatched regions denote regions where there is no upper layer. Fig. 6a but with a net (nondimensional) meridional transport of approximately 0.3. The transport is forced by a specified source (ϩ) in the southeast corner and a sink (Ϫ) in the northeast corner. The core of the net cross-equatorial flow is shaded. Hatched regions denote that there is no upper layer. Note that the separation latitude of the simulated BC moved considerably toward the south so that the fields are no longer symmetrical. Also, note that the cross-equatorial flow follows an ''S-shaped'' pattern; it begins in the Southern Hemisphere as a flow along the eastern boundary. It then proceeds as a south equatorial current and crosses the equator as a WBC. It finally reaches the northeast corner via the northern part of the gyre. It is later argued that, although such an exchange is dynamically possible, the observed positions of the WBC separations do not possess the asymmetry required for such an exchange. mesoscale eddies do not play a crucial role in our interhemispheric mass transport.
FIG. 6b. The same as
Note that even our ''moderate'' eddy viscosity coefficient ( ϭ 1000 m be considered an ''average eddy viscosity'' for general circulation isopycnic models. (For an ''average diffusion speed'' of 1 cm s Ϫ1 and a grid size of 15 km it is 150 m 2 s Ϫ1 .) However, we could not lower it any further due to numerical instability. We see (from Fig. 8 ) that almost all simulations are below the analytical prediction and that the high viscosity experiments are further away from the analytical solution than the moderate viscosity experiments. This larger discrepancy between the two models occurs because higher viscosity forces the gyre to ''flatten out'' so that the separation latitudes are pushed poleward toward regions with higher wind stress.
The interhemispheric transport in the Atlantic
We used COAD annual mean winds (Woodruff et al. 1987 ) with a drag coefficient of 1.6 ϫ 10 Ϫ3 [which is the appropriate coefficient for winds (such as ours) with a speed of less than 6.7 m s Ϫ1 (see, e.g., Hellerman and Rosenstein (1983) ]. We identified the separation points to be the annual mean intersection of the observed ϭ 26.8 isopycnal [taken from the Levitus (1982) climatology] with the coast at a depth of 100 m. This turns out to be roughly 36ЊN (see Fig. 3 ) but the exact latitude does not really matter since it is the wind stress rather than the wind stress curl that enters our calculations. Namely, the wind stress is much less sensitive than the wind stress curl to variations in latitude so that the result is not very sensitive to the choice of ϭ 26.8. We chose the 26.8 because it corresponds to the maximum density gradients so that it effectively represents the thermocline. The choice of a 100-m depth for the isopycnal intersection with the coast was made in order to avoid mixed layer effects and is very reasonable. Since the speeds within the western boundary currents are high [ϳO(1 m s Ϫ1 )], the intersection of the 26.8 isopycnal with the free surface of an ocean without a mixed layer would be no more than a distance of O(10 km) away from our chosen location at a depth of 100 m.
Also, by looking at the annual mean position of the 26.8 intersection, the seasonal migration of the Brazil-Malvinas confluence (see, e.g., Matano 1993; Lebedev and Nof 1996) is filtered out. Note that, since the Malvinas Current is not a part of our model, it is also implicitly assumed here that, in an ocean without a Malvinas Current, the separation of the Brazil Current would occur at a location that is not very far from the presently observed separation. This assumption is justified because our calculations involve the wind stress and not the wind stress curl. The wind stress is not very insensitive to variations in latitude and even a Malvinasinduced variation of as much as a few hundred kilometers would not significantly affect our results.
Along the horseshoe path (Fig. 3 ) the integration was done over 2Њ ϫ 2Њ boxes. With the aid of (3.1) one finds that the first leg (section AC, Fig. 3 ) contributes 2.055
The integrated Sverdrup transport as a function of longitude (to the west of the Cape of Good Hope) along cross section ABC (shown in Fig. 3 ). The total amount of northward flowing water in the interior is 28 Sv. It is argued that all of this warm water is ultimately expelled from the South Atlantic via the Brazil Current and its extension.
Sv, the second leg (section DC) 0.0845 Sv, and the third leg (section DF) contributes 1.533 Sv. This leads to a surprising result-a negligible net meridional transport of less than 1 Sv. It implies that, with our (no low and midlatitude upwelling) model, there is virtually no net meridional flow into the North Atlantic of water lighter than 26.8 . In other words, according to our model, the concept of a conveyor consisting of pure surface Atlantic water flowing northward due to a combined effect of high-latitude cooling and wind is in question. We shall address this issue in detail in following subsections. Before doing so, however, it is appropriate to discuss the role that Agulhas rings play in the problem.
a. Agulhas rings
Both observations and wind-driven circulation models show transfer of Indian Ocean thermocline water into the South Atlantic (Boudra and Chassignet 1988; Semtner and Chervin 1988; Gordon and Haxby 1990) . Most of the leakage is achieved via Agulhas rings (Olson and Evans 1986; Lutjeharms and Gordon 1987; Lutjeharms and Van Ballegooyen 1988) , but additional Indian Ocean waters are injected into the Atlantic via plumes (Olson and Evans 1986; Lutjeharms 1988; Lutjeharms and Valentine 1988) . Also, surface waters are sometimes entrained by the Benguela Current (Nelson and Hutchings 1983; Shannon 1985) . Estimates of the above leakage vary considerably due to various measuring techniques and (perhaps) due to actual variability. Gordon et al. (1987) arrived at an estimate of 10 Sv for water entering the Atlantic in 1983 whereas Whitworth and Nowlin (1987) observed a much larger transport of 20 Sv in 1984. Bennett (1988) , on the other hand, arrived at lower values of 6.3 and 9.6 Sv for 1983 and 1984. From these amounts that enter the Atlantic, Bennett argues that only 2.8 Sv are warm Indian Ocean water. Stramma and Peterson (1990) find an Indian to Atlantic transfer of 8 Sv whereas Gordon and Haxby's (1990) inventory of rings suggest a transport of 10-15 Sv. McCartney and Woodgate-Jones' (1991) definition of an eddy corresponds to a smaller feature than that considered by Gordon and Haxby (1990) and, consequently, they arrive at a smaller estimate of 2-5 Sv. Byrne et al. (1995) estimated the flux to be at least 5 Sv; the most recent and most extensive estimate is that of Goñi et al. (1997) , who arrive at an average influx of no more than 4-5 Sv. Since it is the most updated estimate, we shall use this latter value as a typical mass flux of warm Indian Ocean water into the South Atlantic [even though it is somewhat smaller than previous values (see also van Ballegooyen et al. 1994; Duncombe Rae et al. 1996) ]. Olson and Evans (1986) estimate that the rings translate toward the northwest at a rate of 5-8 cm s Ϫ1 . Goñi et al. (1997) arrive at a similar rate of 5-14 cm s Ϫ1 . A fourth of this speed is probably due to the familiar ␤-induced speed, which for rings with a diameter of 400-500 km, a depth of 800 m, and a reduced gravity of 2 ϫ 10 Ϫ2 m s Ϫ2 is no more than 1.5 cm s Ϫ1 . [This can be easily verified by recalling that such rings translate at a speed that is smaller than 0.4
, where R d is the 2 ␤R d Rossby radius based on the ring's maximum depth (see, e.g., Nof 1981) ]. Another fourth of the observed migration speed is due to advection by the local Sverdrup flow (see Fig. 6 ) and the remaining half (3-7 cm s Ϫ1 ) cannot be clearly accounted for. [It can possibly be due to bottom topography that increases the migration rate (see, e.g., Dewar and Gailliard 1994 but also Kamenkovich et al. 1996 where a counterexample of a reduced rate is given) or due to a dipolar structure (Radko 1997) .] Regardless of the causes for this unaccounted speed, we can conclude that out of the 4-5 Sv influx, about 1.5 Sv is due to advection by the surrounding flow that obeys Sverdrup dynamics and, hence, is included in both the formula and the numerics. Namely, in our calculations, 3-4 Sv, at the most, are neglected because of the absence of the rings' self-propulsion mechanism. This is a relatively small amount compared to the observed 10 Sv of interhemispheric flow.
Computation of the meridional Sverdrup transport shows that along cross-section BC (shown in Fig. 3 ) the flow is northward and amounts to a total of about 28 Sv (Fig. 9) . According to our model these 28 Sv must exit the basin to the south via the Brazil Current and its extension.
b. Implications of our results
Since a considerable amount of water does sink in the North Atlantic and flows southward as NADW, some process that is not included in our nondiffusive (i.e., no upwelling) thermocline model must take place. All traditional wind-driven upper-layer dynamics as well as surface cooling in high latitudes are included in the model, suggesting that our inactive intermediate water (i.e., water with a potential density greater than 26.8) must play an important role. In our model this resting intermediate water is situated poleward of the curves along which the ϭ 26.8 surface strikes the free surface and under the upper layer ( Ͻ 26.8) throughout the Atlantic. We shall shortly show that, if the conveyor water is indeed moving northward as the observations suggest, then the intermediate water must somehow upwell into the upper layer within the limits of the Atlantic Ocean. This is consistent with Matano and Philander (1993) , who suggested that upwelling should occur in the South Atlantic.
Upwelling à la Goldsbrough (1933) can be easily added to our two-layer model (described earlier in section 2). Goldsbrough's approach (originally used to describe evaporation and precipitation) is to add a source or a sink only in the continuity equation leaving the momentum equations unaltered. Even though the sink or source may correspond to water with a density different than that of the upper layer, the Goldsbrough approach is to ignore this difference to first order. In this context it is appropriate to point out that, in a way, our upwelling represents cooling because it brings colder water to the upper layer (see, e.g., Veronis 1976) .
As in Nof (1998) , with the Goldsbrough approach the only alteration to our Eqs. (2.1)-(2.3) is that, instead of (2.3), we now have,
where w is the specified upwelling at the base of the thermocline. Equations (2.1) and (2.2) remain unaltered, but the Sverdrup transport now takes the modified form,
The modified form of (2.11a,b) is
where Q u (ϭ## w dx dy) is the total upwelling taking place within the confinement of the integration area, and, as before, T is the transport entering the Atlantic from the south. By subtracting (5.3b) from (5.3a) and, again, taking into account the eastern boundary condition (2.8) and the separation condition (2.9), we find
where A, B, C, and D correspond to the integration path shown in Fig. 1 . Clearly, relation (5.4) is also valid in spherical coordinates. However, in this upwelling case, it does not make any sense to speak about a stratified upper layer because it is hard to imagine how upwelled water can immediately accept the surrounding stratified density as it is injected into the fluid. Consequently, we consider here an upper layer with uniform density, an outcropping interface, and a stagnant intermediate layer.
Note that (5.4) is quite different from Nof's application of the separation formula to the Pacific, which does not involve f 1 . Also note that it certainly would have been better to add a reliable mixing parameterization to our upwelling scenario but this is left as a subject for future investigation.
In our scenario, the application of the right-hand side of (5.4) to the Atlantic is the same as before, that is, it corresponds to a transport of less than one Sverdrup. Furthermore, since f 1 ഠ Ϫ f 2 we find that T ഠ ϪQ u /2. This means that the total upwelled water Q u must split into roughly two equal parts. One part flows northward (past the separation latitude) and ultimately sinks in the North Atlantic. The other half must flow southward and exit the South Atlantic via the Brazil Current (Figs. 10a, b) . This somewhat odd result implies that the amount of water upwelled into the thermocline throughout the low and midlatitude Atlantic must be twice as much as the net amount transported northward.
How the upwelling of 20 Sv is achieved within the limits of the Atlantic Ocean is not entirely obvious. Recent measurements of diapycnal diffusivities (Ledwell et al. 1993; Toole et al. 1994; Kunze and Sanford 1996) suggest an interior mixing coefficient of no more than 0.1 cm 2 s Ϫ1 . For an area of 10 000 km ϫ 5000 km and a mean thermocline depth of 500 m, such a diffusivity coefficient would lead to an upwelling of merely 1 Sv. However, these slow mixing coefficients are not in agreement with budget calculations, which suggest much higher coefficients in regions where there are intense currents. For example, Qiao and Weisberg (1997) suggest mixing coefficients that would allow 20 Sv to be easily upwelled into the thermocline over the equatorial region alone. Similarly, more than a decade ago, Roemmich (1983) suggested that 6 Sv are converted to thermocline water somewhere between 8ЊS and 8ЊN. Both of these studies suggest that most of the mixing probably occurs in special locations and not in the ocean interior. This is supported by Lueck and Mudge (1997) , who, on the basis of measurements of energy dissipation, suggest that shallow seamounts induce mixing that can be 100 to 10 000 times larger than the mixing away from the seamount. Bottom topography also produces very strong mixing (Polzin et al. 1996 (Polzin et al. , 1997 . As with many other calculations, our model requires a vertical diffusivity coefficient that, on average, is an order of magnitude higher than that observed in the interior of the ocean. It is quite possible that, as others have suggested, intense mixing and entrainment take place along the boundaries of the ocean, along the equator, and in the vicinity of seamounts.
An alternative to the Atlantic upwelling scenario is that the model is flawed or that estimates of Agulhas rings transfer are grossly below the actual values. (Recall that the rings are partially VOLUME 29
The suggested circulation pattern of thermocline water in the Atlantic. Our formula shows that, without low and midlatitude upwelling in the Atlantic, virtually no upper water can be forced northward (save perhaps the neglected self-induced transport of Agulhas rings and other eddy-driven flows) across the Atlantic equator. Furthermore, it illustrates that any conversion of intermediate water to upper water must be equally split between a northward and a southward current, that is, if, say, Q u is upwelled throughout the Atlantic, then Q u /2 must be flowing northward and Q u /2 must be flowing southward (see Fig. 10b ).
included in both our linear interior dynamics analytical model and in our noneddy-resolving primitive equation numerical model.) Four aspects of the model could perhaps be problematic. The first is the Gulf of Guinea where the boundary of the continent is approximately zonal so that a strong boundary current (not captured by our eastern boundary condition) can perhaps develop. Examination of the offshore Sverdrup transports (which can produce the boundary current in question) as well as Hisard's et al. (1986 Hisard's et al. ( ) measurements (conducted during 1984 , an admittedly anomalous year) reveal, however, that an average 10 Sv transport in the Gulf of Guinea is highly unlikely. This possibility is, therefore, rejected. The second possibility is that eddydriven flows in the southeastern Atlantic (neglected in both the analytics and numerics) transfer the excess amount of water necessary for the closure. Recent measurements of the Benguela Current (Peterson and Stramma 1991; Clement and Gordon 1995; Garzoli et al. 1996; Garzoli et al. 1997) suggest, however, that there is a difference of merely a few Sverdrups between the calculated Sverdrup transport (included in both the analytical and the numerical models) and the measured Benguela Current transport. This amount is not sufficient to explain the required 10 Sv and, therefore, the second possibility is also rejected.
The third possibility is that the intermediate layer is somehow directly responsible for the meridional upperwater transfer, that is, that the neglected pressure gradients in the intermediate layer are responsible for forcing 10 Sv of upper thermocline water northward. Using scaling arguments, it is easy to demonstrate that, in order for this to happen, the northward speeds in the intermediate layer must be of the same order as the northward upper-water velocity. Since, on average, the intermediate layer is 8-10 times thicker than the upper layer, this implies a, highly unlikely, northward transport of 80-100 Sv in the intermediate layer. In view of this, the third possibility is also rejected.
The fourth possibility is that the model requires a choice of a lighter surface (i.e., a ligher upper layer) of, say, 26.0 instead of our choice of 26.8 . This would make the required upwelling consistent with the more traditional approach [see, e.g., Roemmich (1983) and Fig. 9 in Speer et al. (1996) ]. Although a somewhat lighter surface than 26.8 can perhaps be chosen, the surface 26.0 is much too light for two reasons. First, it is much lighter than the density corresponding to the maximum density gradient and, second, it intersects the eastern boundary south of the model domain (see point C, Fig. 2 or point D, Fig. 3 ) making the application impossible. The reader is also reminded at this point that, since the model uses the wind stress rather than the curl of the wind stress as input, it is very insensitive to the choice of the separation latitude as long as it is within a reasonable range.
It should be pointed out here that other effects such as JEBAR and bottom torque (Myers et al. 1996) , corners and local geography (Dengg 1993; Ou and DeRuijter 1986) , and lateral inflows (Ezer and Mellor 1992; Thompson and Schmitz 1989) are also excluded from our model. Although these processes affect the position of the separation, their effect is limited to several degrees. As mentioned earlier, our formula is very insensitive to the position of the separation (because it involves the wind stress rather than the curl of the wind stress) so that these issues have no impact on our results.
Finally, a comment should be made regarding the relationship between our study, which shows a net surface water flow of about 10 Sv southward, and Saunders and King's (1996) inverse analysis, which shows a net surface flow of 10 Sv northward. At this stage, we do not know how the two contradictory conclusions can be reconciled. We can only say that the two studies are very different and may involve, at least some, different water masses (e.g., bottom water is included in Saunders and King's analysis but neglected in ours). Another possibility is that the storage of warm water in the Atlantic is subject to oscillations [occurring on a frequency of O(100 yr) or less] superimposed on our average circulation pattern. Such oscillations would correspond to the Atlantic upper layer draining and filling up alter-
The conventional view of the conveyor's upper limbs in the Atlantic (left panel) and the very different structure proposed by our study (right panel). In contrast to the common view that most of the upwelling occurs in the Indian and Pacific Oceans (rather than the Atlantic), our model suggests that the upwelling occurs within the limits of the Atlantic. Namely, the model suggests that without upwelling (in the Atlantic) no water at all can sink in the North Atlantic. Furthermore, our model shows that only half of the total upwelled water sinks in the North Atlantic. The remaining other half must exit the South Atlantic (via the Brazil Current).
nately. This would add an O(10) Sv fluctuation to the net transport in and out of the Atlantic, and it is quite possible that Saunders and King's measurements were done during a filling up stage.
Summary and discussion
To circumvent solving the (incredibly complicated) wind-thermohaline problem we have adopted a new technique where the observed positions of western boundary current (WBC) separation are blended into an analytical model. These positions are unique in that they provide useful information about the pressure fields. We have considered a model where the low and midlatitude interior is governed by Sverdrup dynamics and the WBC are dissipative in nature. Surface cooling and sinking are limited to latitudes higher than the separation latitudes and enter the problem through the WBC separation latitude. This analytical model includes some nonlinearity (through the pressure terms) but the inertial terms are neglected and the Coriolis terms dominate the motions.
The model is applied to a basin extending from the tip of South Africa in the Southern Hemisphere to Cape Hatteras where the Gulf Stream separates in the Northern Hemisphere. It is open on the southern side so that a free exchange with other oceans is allowed. A net northward interhemispheric flow of upper water is permitted, that is, the WBC transport is not necessarily equal and opposite to the integrated interior transport (Figs. 1, 2, and 3 ). This net northward transport leaves the model's domain north of the Gulf Stream separation where it cools by the atmosphere, sinks, and returns southward as the North Atlantic Deep Water. An inert intermediate water is sandwiched between the northward flowing upper water ( Ͻ 26.8) and the southward flowing NADW. The upper-ocean is continuously stratified and has a level of no motion corresponding to the densest isopycnal that surfaces; that is, all the fluid that is denser than the fluid associated with this isopycnal ( ϭ 26.8) is taken to be at rest.
This study is an extension of Nof's (1998) ''separation formula'' to the Atlantic Ocean. It enables one to obtain the net northward transport (of warm water) directly from the wind field and the latitude of the WBC separation. It shows that there must be some interhemispheric asymmetry in the wind field, the shape of the continents, or the cooling in order for a meridional transport of warm water to exist.
To illustrate this, we used three examples. First, we VOLUME 29 J O U R N A L O F P H Y S I C A L O C E A N O G R A P H Y considered an ocean 6000 km broad and showed that a net meridional transport is possible even when both the winds and continents are symmetrical and only the position of the WBC separation is asymmetrical due to high-latitude cooling (Fig. 4) . For the second example we considered an ocean 5000 km broad extending from 40ЊS to 40ЊN where the two WBC separate again due to a combined wind-thermohaline influence. Here, however, the ocean is subject to no eastward wind stress along 40ЊN and to an eastward wind of 2 dyn cm Ϫ2 along 40ЊS. Our formula (2.12) shows that such an ocean will have a net meridional flow of 5 Sv. In the third example, we broadened the southern part of this hypothetical ocean from 5000 km to 10 000 km and considered symmetric winds along the eastern boundary. Under such conditions the transport is increased to 8 Sv. All three examples illustrate that it does not matter in which of the three processes (wind, high-latitude cooling, or the shape of the continents) there is asymmetry. However, the asymmetry must be quite severe for a significant interhemispheric transport of warm water to occur.
It should perhaps be stressed once more that, although the cooling by the atmosphere does not enter the problem explicitly, it enters the (no low and midlatitude upwelling) modeled process implicitly through the separation latitude, which adjusts to the amount of atmospheric cooling imposed in high latitudes. In other words, a change in the amount of atmospheric cooling and overturning rate will cause the (no-upwelling) modeled gyres to migrate meridionally until a new position [where (2.12) is again satisfied] is reached. Similarly, a change in the winds is, of course, not going to change the overturning rate. Instead, the modeled gyres will again shift their positions until (2.12) is once more satisfied. The analytical results were compared in detail to numerical simulations using MICOM and good agreement was found (Figs. 6 and 8) .
The detailed application of the model to the Atlantic was obtained by integrating the momentum equations (using COAD data) along an open ''horseshoe'' path that begins at the separation point of the Brazil Current, proceeds counterclockwise along the eastern boundary, and ends at the separation of the Gulf Stream (Fig. 3) . The transport derived in this fashion contains some of the Agulhas rings' mass flux, except the self-propelled transport (not included in the analytics and not resolved in the numerics), which is estimated to be no more than a few Sverdrups. Surprisingly, we found that the net northward warm water transport associated with this situation is less than 1 Sv! This is not because of the neglect of cooling but, rather, because the wind and high-latitude cooling (by the atmosphere) alone cannot drive any significant amount of pure warm upper water across the Atlantic equator.
As some analyses and numerical models have suggested, the Atlantic Intermediate Water must play a major role in the Atlantic meridional exchange. However, the way that the intermediate water enters the problem is not straightforward. Specifically, incorporation of upwelling (à la Goldsbrough 1933) into our model illustrates that any amount of intermediate water upwelled into the low and midlatitude Atlantic thermocline must be equally split between northward and southward fluxes. This implies that out of 20 Sv of intermediate water upwelled into the Atlantic thermocline, 10 Sv will be flowing northward beyond the Gulf Stream separation latitude and 10 Sv will be flowing southward and exit the South Atlantic via the Brazil Current (Figs. 10a,b) .
Finally, it should be pointed out that our theory, which corresponds to an Atlantic with an open southern boundary, should be distinguished from the familiar numerical experiments that consider the Atlantic to be a closed box (e.g., Marotzke 1997) . In our open model the upwelling in the Atlantic is forced by the dynamics whereas in the latter cases the upwelling in the Atlantic is due to the simple fact that the Atlantic is closed so that whatever sinks in the northeast must rise somewhere else within the box.
In summary, we can say (on the basis of the excellent agreement between the analytics and the numerics) that the (no upwelling) meridional transport of upper warm water in the Atlantic driven by both wind and highlatitude cooling can be adequately computed from the wind field and the observed separation latitudes of the western boundary currents [using (2.12)]. The calculation shows that this amount is small (Ͻ1 Sv) and that low and midlatitude upwelling of 20 Sv or so must take place somewhere within the limits of the Atlantic equatorward of the separation latitudes. The wind field and the high-latitude cooling then push half of this transport (10 Sv) toward the north and half toward the south.
It is hoped that these results will be examined with more detail in the future using more general numerical simulations. In particular, it is hoped that the implications of our model to the Indian and Pacific Oceans will be examined in detail. Our model implies that, in these oceans, there must be some conversion of both surface and deep water to intermediate water (see Fig. 10b ). How (and if ) this is achieved is not clear at this stage.
